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Abstract

The occurrence of CO»-rich lavas (carbonatites, kimberlites) and carbonate-rich xenoliths provide evidence for the exis-
tence of carbonatitic melts in the mantle. To model the chemical composition of such melts in the deep mantle, we experimen-
tally determined partition coefficients for 23 trace elements (including REE, U-Th, HFSE, LILE) between deep mantle
minerals and carbonatite liquids at 20 and 25 GPa and 1600 °C. Under these conditions, majoritic garnet and CaSiO3 perov-
skite are the main reservoirs for trace elements. This study used both femtosecond LA-ICP-MS and SIMS techniques to mea-
sure reliable trace element concentrations. Comparison of the two techniques shows a general agreement, except for Sc and
Ba. Our experimentally determined partition coefficients are consistent with the lattice strain model. The data suggest an effect
of melt structure on partition coefficients in this pressure range. For instance, strain-free partition coefficient (D) for major-
ite—carbonatite melts do not follow the order of cation valence, Di™ > Di* > D", observed for majorite-CO,-free silicate
melts. The newly determined partition coefficients were combined with trace element composition of majoritic garnets found
as inclusions in diamond to model trace element patterns of deep-seated carbonatites. The result compares favorably with

natural carbonatites. This suggests that carbonatites can originate from the mantle transition zone.

© 2008 Elsevier Ltd. All rights reserved.

1. INTRODUCTION

Degassing of CO, from mid-ocean ridge basalts (Javoy
and Pineau, 1991; Sarda and Guillot, 2005), CO»-rich lavas
like kimberlites (Price et al., 2000) and carbonatites (Krafft
and Keller, 1989; Keller and Krafft, 1990) attest to the pres-
ence of CO, in the Earth’s mantle. As CO, mass-balance
demonstrates, only 20-40% of the subducted CO, is de-
gassed by volcanoes (Zhang and Zindler, 1993; Coltice
et al., 2004). These observations require the existence of a
deep carbon reservoir in the mantle. Furthermore, experi-
mental studies indicate that CO, forms stable phases at var-
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ious depths (including great depths) during subduction
processes (Molina and Poli, 2000; Hammouda, 2003; Das-
gupta et al., 2004) and that CO, in the deep mantle likely
induces the formation of carbonatitic melts (Wyllie and
Huang, 1975; Eggler, 1976; Green and Wallace, 1988).
Carbonatitic melts are considered as effective metaso-
matic agents because of their excellent wetting properties
(Hunter and McKenzies, 1989; Watson et al., 1990), high
migration rates (Hammouda and Laporte, 2000) and char-
acteristic chemical signature (Green and Wallace, 1988;
Jones, 1989; Meens et al., 1989). For example, rare earth
element (REE) enrichment and high field strength element
(HFSE) depletion in oceanic and continental xenoliths are
often attributed to carbonatitic metasomatism (e.g. Men-
zies and Wass, 1983; O’Reilly and Griffin, 1988; Yaxley
et al., 1991; Dupuis et al., 1992; Hauri et al., 1993; lonov
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et al., 1993; Rudnick et al., 1993; Ionov, 2001). Further-
more, the inferred presence of high-pressure mineral inclu-
sions in diamond (Harte et al., 1999; Hutchison et al., 2001;
Kunz et al., 2002) suggests the existence of carbon-bearing
fluids at pressures corresponding to depths of 600 km or
more. Chemical interactions between carbonatitic melts
and upper mantle minerals have previously been modeled
using trace element partition coefficients collected between
2 and 6 GPa (Sweeney et al., 1992; Klemme et al., 1995;
Blundy and Dalton, 2000; Adam and Green, 2001; Keshav
et al., 2005). However, element partitioning at higher pres-
sures for example at the conditions of the transition zone, is
still unknown. Here we present new major and trace ele-
ment partitioning data between majoritic garnet, CaSiO;
perovskite and carbonatitic melts at conditions of the low-
ermost transition zone and uppermost lower mantle. To
emphasize the specific nature of carbonatitic and silicate
metasomatism, we compare our new partitioning data with
previous studies obtained in CO,-free compositions (Cor-
gne and Wood, 2004; Walter et al., 2004; Corgne et al.,
2005).

2. MATERIALS AND METHODS
2.1. Experimental procedure

The starting material was prepared by mixing 79.8 wt%
of a pyrolite composition (Green and Ringwood, 1963; Ta-
ble 1) with 20.2 wt% of a natural dolomite. This composi-
tion was chosen to achieve liquidus saturation of mantle
phases with sufficiently large quantity of liquid. The pyro-
lite powder was prepared from a synthetic gel that was an-
nealed for 40 min at 1400 °C in a 1 atm gas-mixing furnace,
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at about 2 log units above the iron-wiistite oxygen buffer
(Table 1). The natural dolomite (from Ben Gasseur, Tuni-
sia) was chosen because its major element composition is
close to that calculated for a dolomite in equilibrium with
the deep mantle. This dolomite was crushed and sieved,
and from the 400 um fraction clean dolomite grains were
handpicked under a binocular microscope. After grinding
to um-size grains, the dolomite and pyrolite powders were
homogenized under ethanol in an agate mortar. The mix-
ture was doped at the 100-200 ppm concentration level
with a suite of trace elements that were added to the powder
as a multi-element solution (Table 2). Element concentra-
tion in the final mixture was approximately 100 ppm (La,
Ce, Nd, Sm, Eu, Gd, Tb, Dy, Ho, Er, Yb, Lu and Sc,
Nb, Ta and U) except for Zr, Hf, Ba, Rb and Th, for which
doping was 200 ppm. The doped mixture was stored in a
drying oven at 150 °C. Although the starting powder was
kept dry, the final mixture retained approximately
1500 ppm H,O by weight, determined by the infrared
absorption of a compacted powder pellet.

The experiments were performed at conditions ranging
from 1500 to 1700 °C and from 10 to 25 GPa using a mul-
ti-anvil apparatus (Kawai and Endo, 1970) fitted with a
Walker-type module (Walker et al., 1990) at the “Labora-
toire Magmas et Volcans” (LMV) in Clermont-Ferrand,
France. The starting powder was packed in an Au capsule
(Imm outer diameter), which was welded shut by electric
arc welding. We have employed a standard sample assem-
bly, which consists of a ceramic octahedron (MgO with
5% Cr,03), a ZrO, sleeve used as thermal insulator (except
for 7/2.5 assembly), a LaCrOs stepped or straight furnace
(stepped for 14/8 assembly and straight for 10/4 and 7/2.5
assemblies), and a MgO sleeve that isolates the capsule

Table 1

Major and minor element concentrations of starting materials and run products

Oxides (Wt%) SiO, TiO, AlL,O Cr,0; FeO MnO MgO CaO Na,O K,O CO,* Total
Starting compositions

Pyrolite® 42.70 0.18 3.14 0.453  7.49 0.14 37.70 291 0.41 0.001 95.27
Dolomite [20]° 14.30(88) 0.38(14) 12.02(58) 28.45(58) 0.03(6) 0.008(20) 44.80(102) 99.99
Mixture 34.10 0.14 2.51 0.36 8.86 0.19 32.53 8.06 0.33 0.002 9.03 96.22
#743 (20 GPa-1600 °C)

Maj [13] 49.38(145) 0.11(10) 8.56(62) 1.00(12) 6.14(38)  0.18(8) 27.11(135) 6.60(106) 0.05(4) 0.001(10) 0,138 98.30
CaPv? [8] 37.29(126) 4.54(24) 2.54(21) 0.35(12) 1.44(52) 0.03(6) 0.74(20) 40.13(89) 0.03(4) 0.006(28) 87.12
P[7] 40.03(94) 0.24(90) 0.45(20) 0.15(6) 7.46(80) 0.10(4) 49.73(252) 0.04(4) 0.04(2)  0.003(3) 98.24
Per [3] 0.16(8) 0.02(4) 0.18(4) 0.39(8) 23.86(100) 0.29(8) 72.22(272) 0.07(2) 0.14(2)  0.000 (0) 97.34
Melt [5] 11.50(20) 0.32(32) 0.104) 0.04(8) 4.90(22) 0.25(4) 20.85(118) 27.62(46) 1.43(4) 0.257 (4) 32.72 100.00
#787 (25 GPa-1600 °C)

Maj [6] 46.73(100) 0.019(29) 14.09(58) 1.48(19) 7.32(27) 0.47(3) 25.05(19) 4.98(30) 0.18(4) 0.007(26) 100.32
CaPv [9] 48.57(99) 0.69(7)  .08(25) 0.07(5) 0.3539) 0.06(8) 0.10(2) 46.32(95) 0.02(1)  0.003(6) 97.26
MgPv [5] 53.03(187) 0.23(7)  4.37(70) 0.43(11) 9.15(173) 0.12(6) 33.39(134) 0.11(4) 0.008(22) 0.007(11) 100.84
v [4] 40.34(58) 0.012(48) 0.08(4)  0.15(5) 13.94(15) 0.07(2) 43.91(114) 0.05(5) 0.008(19) 0.009(17) 98.57
Mst [3] 0.18(52)  0.02(3) 0.03(10) 0.04(8) 2.65(65) 0.08(10) 43.16(940) 0.24(27)  0.00(0) 0.01(2) 53.46 100.00
Melt [3] 7.46(114) 0.15(5) 0.63(11) 0.14(1) 8.57(73)  0.45(3) 22.13(25) 16.21(402) 0.71(9) 0.13(1) 43.42 100.00

Number in parentheses represents two standard deviations (2c) in terms of least significant digits. Maj, majorite garnet; B, wadsleyite; v,
ringwoodite; CaPv, CaSiO; perovskite; MgPv, MgSiO; perovskite; Per, periclase; Mst, magnesite; Melt, quenched carbonate melt.

? Analysed by ICP-AES.

® Numbers of electron microprobe analyses given in square brackets.

¢ CO, was calculated by difference.



Table 2

Trace element concentrations (in ppm) of starting material and run product #743 (20 GPa, 1600 °C)

Starting doped powder Majorite Melt Dnaj/melt CaPv PvCaPv/Melt ,g]
a

LA-ICP-MS [3] SIMS [4] LA-ICP-MS [2] SIMS [3] LA-ICP-MS SIMS Preferred® SIMS [I] 5

Sc 97 33(5) 54(6) 5.78(6) 19.3(6) 5.71(90) 2.8(7) — 27.0(5) 1.40(7) %
Rb 103 n.m. 6.4(6) n.m. 1151(64) — 0.0055(14) 0.0055(14) 15.11(9) 0.013(1) i:
Sr 102 1.9(2) 2.3(4) 637(14) 636(20) 0.0030(4) 0.0044(12) 0.0031(12) 279(5) 0.44(2) 2
Y 104 242(7) 279(29) 123(2) 109(10) 1.97(9) 2.57(78) 1.98(78) 3320(15) 30(3) 5
Zr 194 557(46) 733(173) 747(18) 546(42) 0.75(8) 1.34(74) 0.75(74) 2098(25) 3.8(3) E
Nb 74 3.4(10) 4.6(14) 558(10) 412(49) 0.006(2) 0.01(1) 0.007(10) 361(7) 0.88(12) =
Ba 187 0.43(4) 0.16(10) 1154(23) 1221(137) 0.00038(4) 0.0001(2) 0.0001(2)" 5.5(7) 0.005(1) 2
Lc® 82 12.2(88) 12.0(55) 3981(55) 4050(81) 0.0031(23) 0.0003(1) 0.003(2) 24900(89) 6.2(1) =
Ce 102 4.4(13) 5.6(19) 288(7) 308(33) 0.015(5) 0.018(8) 0.016(8) 5505(30) 18(2) wg
Nd 94 n.m. 16(5) n.m. 258(29) — 0.061(25) 0.061(25) 6925(79) 27(3) %
Sm 94 32(4) 45(16) 142(2) 196(36) 0.22(3) 0.23(12) 0.22(3) 7230(48) 37(7) %
Eu 93 45(5) 68(14) 124(0.09) 207(66) 0.37(4) 0.33(17) 0.36(17) 7240(40) 35(11) g
Gd 93 66(5) n.m. 122(0.05) 149(5) 0.54(4) — 0.54(4) 5235(33) 35(1) E
Tb 94 n.m. 142(25) n.m. 120(17) — 1.2(4) 0.46(13) 5960(53) 50(7) §:
Dy 95 n.m. 194(27) n.m. 126(13) — 1.5(4) 0.64(13) 4825(59) 38(4) |
Ho 91 150(5) 225(30) 82(0.6) 94(8) 1.83(8) 2.4(5) 1.84(2) 3538(27) 38(3) ;
Er 96 185(5) 260(25) 77(0.04) 83(16) 2.40(6) 2.9(8) 2.4(9) 2877(38) 33(6) 2
Yb 95 204(2) 315(20) 58(0.6) 74(9) 3.55(7) 4.3(8) 3.6(8) 1900(33) 26(4) w]
Lu 96 243(13) 353(16) 58(0.3) 64(6) 4.2(3) 5.5(8) 4.3(8) 1535(13) 24(2) g
Hf 192 324(38) n.m. 358(0.07) 236(8) 0.91(11) — 0.91(11) 1128(24) 4.8(3) g
Ta 41 2.7(7) n.m. 428(0.05) n.m. 0.006(2) — 0.006(2) n.m. — %
Th 189 1.9(13) 3.7(11) 58(0.5) 49(8) 0.034(2) 0.08(6) 0.04(6) — —d %
U 121 2.09(12) 3.5(27) 92(1) 69(17) 0.023(13) 0.05(9) 0.023(90) 6580(60) 95(24) i"‘
Number in parentheses represents two standards deviations in terms of least units cited. n.m., not measured. Doped powder was analysed by ICP-MS. g
# Numbers in square brackets are numbers of LA-ICP-MS and SIMS analyses. :

® La concentration in melt and mass-balance are suspect (see text). La data are presented because they are consistent with lattice strain models (see below).

¢ Preferred D are weighted mean calculated from D determined by LA-ICP-MS and SIMS, except for * notation, D are chosen for reasons justified in the text.
9 The concentration analysis is suspect and is not presented.
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from the furnace (Hammouda, 2003). All assembly parts
except the capsule were fired for 2 h at 1000 °C in a 1 atm
furnace immediately before the experiments. During the
experiment, temperature was monitored by a WysRes—
Wo4Reye thermocouple axially placed above the capsule
and was controlled by a constant power setting (the uncer-
tainty due to this procedure is estimated to +5/—15 °C),
using a Eurotherm 900 controller. The 10 GPa experiments
were performed with a 14/8 assembly calibrated against the
coesite—stishovite transition (Akaogi et al., 1995) and the
Mg,SiO4 o transition (Morishima et al., 1994). The 15
and 20 GPa experiments were performed with a 10/4 assem-
bly calibrated against the forsterite —y transition (Katsura
and Ito, 1989; Irifune et al., 1996; Katsura et al., 2003). The
25 GPa experiments were performed with a 7/2.5 assembly
calibrated against the ZnS transition (Pan et al., 2002),
GaAs transition (Mc Mahon et al., 1998) and GaP transi-
tion (Itie et al., 1989). Our high temperature calibration
of this assembly is incomplete and we have reported the
pressure on the basis of the room temperature calibration.
The previous Mg-perovskite forming experiments by
LMYV group suggest a —5% relative correction to the room
temperature calibration curve. After pressurization, the
sample was annealed at high temperature for more than
23 h. Before decompression, the power applied to the fur-
nace was shut and the experiments were quenched rapidly
(500 °C in the first second of the quench). The recovered
capsule was mounted in epoxy resin and polished for micro-
analyses by electron microprobe, femtosecond laser abla-
tion—inductively coupled plasma-mass spectrometry (LA-
ICP-MS) and secondary ion mass spectrometry SIMS.

2.2. Analytical procedure

Major element abundances in the samples were analyzed
with a CAMECA SX100 electron microprobe at the LMV.
For silicate phases, analytical conditions were 15 kV accel-
erating voltage and 15nA beam current and a focused
beam was used. For melt and carbonate phases, a 8§ nA
beam current was selected and a 5 um defocused beam or
a 20 x 20-um scanning area were employed depending on
phase morphology. The calibration standards used in our
laboratory, the detail of counting time, choices of spectrom-
eters were described elsewhere (Hammouda, 2003).

Trace element concentrations were determined at the
LMTG, Toulouse with an Agilent 7500 quadrupole ICP-
MS coupled to a Ti: sapphire femtosecond laser ablation
(Pulsar-10, Amplitude Technologies). The laser wavelength
was 800 nm with maximum output energy of 12 mJ. Anal-
yses were made with a laser pulse frequency of 5 Hz when
each pulse lasts 50-60 fs. Additional details on the LA-
ICP-MS techniques used can be found in Freydier et al.
(2008). Twenty-two masses were collected with an integra-
tion time per mass of 25ms. The beam diameter was
26 um. The following masses were analyzed: *°Si, **Ca,
#Ca, 5Sc, BRb, sr, Y, *Zr, Nb, 7Ba, ¥La,
140Ce 4gm 1By, 17Gd, '%Ho, 'SSEr, 2Yb, SLu,
178Hf, 1814, 232Th and *¥U. Calcium abundance measured
on electron microprobe was used as internal standard. A
typical signal acquisition started by collecting a background

signal for 30 s, and then, depending of crystal size, laser fir-
ing lasted from 30 to 80 s. The NIST 610 glass was used as
an external standard (Reed, 1992; Pearce et al., 1997). Pre-
vious work has shown that matrix-matching calibration is
not required for accurate femtosecond LA-ICP-MS ana-
lyzes of variety of sample matrix (Poitrasson et al., 2003).
The glass BCR-2G (Wilson, 1997) was analyzed also to
check analyses accuracy and precision. The maximum
detection limit was about 2 ppm for Sc, and it was typically
lower by two orders of magnitude for the other elements.

Secondary ionic mass spectrometry analyses were car-
ried out on a Cameca IMS3f (Woods Hole Oceanographic
Institution, WHOI, USA) and on a Cameca IMS4f (Labo-
ratoire Géosciences Montpellier, GM, France). A primary
O~ ion beam of 6 nA was accelerated to 10 kV before hit-
ting the sample. To reduce mass interference by molecular
ion species, the energy filtering method was used where sec-
ondary ions were subjected a 4500 V accelerating voltage
with a —90 V offset with 425 eV energy window for WHOI
SIMS, and with an —80 V offset with +30 eV energy win-
dow for GM SIMS (Shimizu and Hart, 1982). The primary
beam size was set to approximately 20 pm on WHOI SIMS
and to 50 um (Kohler illumination) on GM SIMS. Count-
ing time for each mass was chosen to attain a minimum of
1000 counts per cycle for 500 ppm concentration, and var-
ied from 10 to 30 s. Five to ten cycles of acquisitions were
done for each mass. The following masses were analyzed:
Mg, 28Si (WHOI), °Si (GM), “°Ca, **Sc, *'Ti, 5°Rb,
83r, ¥y, Pzr, *Nb, '¥’Ba (GM), **Ba (WHOI), '*La,
140Ce 140Nd, 147Sm, 153Eu, 19Gd (WHOI), '°Gd (GM),
163Dy, 165Ho, 1Er, 12yh (GM), 7*Yb (WHOI), Lu,
1781, 28pp (WHOI), 2**Th and 2*®U. The trace element
concentrations were determined by taking ratios of each
mass over 2¥Si (WHOI) and °Si (GM), and the ratio was
multiplied by a calibration factor after correcting for isoto-
pic abundances. Concentrations recalculated using *°Ca as
the reference mass showed no systematic offset induced by
the choice of the reference element. The calibration factor
was determined from the measurement of NIST 610 (Reed,
1992; Pearce et al., 1997) at the beginning and the end of
each analytical session. Geostandard KL2-G (Jochum and
Stoll, 2006) was used as a secondary standard to estimate
accuracy and precision. After trace element analyses, scan-
ning electron microscopy (SEM) imaging was used to check
for signal contamination (Fig. la and b). Signal stability
was also carefully monitored for every analysis.

3. RESULTS AND DISCUSSION

3.1. Comparison between femtosecond LA-ICP-MS and
SIMS

Our measurements on basalt standards BCR-2G and
KL2-G (Fig. 2) provide a first order comparison of uncer-
tainty and accuracy between the femtosecond LA-ICP-
MS and Cameca IMS 3f series. Because a LA-ICP-MS
measurement takes less than 3 min, we have managed to
analyze several basalt standards throughout the course of
the analytical session. On the contrary, the total analytical
duration for a SIMS measurement over 17 elements takes
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#743

Au capsule

Au capsule

Fig. 1. Back-scattered electron images of run products. Abbreviations used: Maj, majoritic garnet; B, wadsleyite; y, ringwoodite; CaPv, CaSiO;
perovskite; MgPv, MgSiOs perovskite; Per, periclase; Mst, magnesite; Melt, quenched carbonate melt. (a) Overview of the experimental
charges (#743; d, #787). (b) SIMS craters in a well-crystallized majorite garnet are visible, while laser pit may slightly overlap with B. (c) The
melt forms homogeneous quench (#743) and poikilitic CaPv is observed next to melt and gas bubbles (#743 on a) probably formed during the
quench. The melt has dendritic quench texture, and CaPv is around 50 pm across. (d) Sample #787, majorite garnet, MgPv and ringwoodite
can only be recognized by microprobe analysis, see (¢) and (f). These pictures were taken after repolishing, which explains the irregular form of
the laser ablation craters and the occurrence of particles inside the craters (both SIMS and LA-ICP-MS).

nearly one hour; therefore fewer basalt standards were mea-
sured during these sessions. Therefore, the uncertainty of
BCR-2G measurements (LA-ICP-MS) is given by the 2
standard deviation of the distribution of 4 measurements.
The uncertainty of KL2-G measurement by SIMS is
approximately 20% relative for most of the elements. These
conservative estimates are based on the counting statistics
of a typical counting rate.

The analyses obtained by fs LA-ICP-MS measurements
are accurate to within 10% (except to within 17% for U)
when compared with recommended concentrations of
BCR-2G (Fig. 2). The concentrations obtained agree with
the recommended values of BCR-2G (Fig. 2). The two stan-
dard deviations are approximately less than 8% relative for
heavy REE, Hf, U and Th, while less than 5% for the other
elements.
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Fig. 2. Measurements of trace element compositions of known
samples divided by the certified values. White circles are LA-ICP-
MS data using BCR-2G, and black diamonds are SIMS data using
KL2-G. Error bars are two standard deviations. The grey field
represents +£20% relative deviation of standard values. Overall,
LA-ICP-MS measurement show systematic variation within 20% of
the standard value, while SIMS measurements could vary signif-
icantly more than ICP-MS measurements, suggesting severe matrix
effects (e.g. oxide mass interferences). Especially, Sm shows an
irreconcilable offset from the true value for SIMS analysis.

The accuracy of the SIMS results is less than previously
reported values with the same instruments (5% relative for
diopside PHN2661, Shimizu and Le Roex, 1986; with the
IMS 3f at WHOI). Because of low counts, the offsets of
Th and U are within the uncertainty based on the counting
statistics (Fig. 2). This is most likely explained by the mass
interferences since measurements of Sc, and mid to heavy
REE (especially Sm, Eu) are notoriously prone to mass
interferences. For example, there exists an interference with
298i'°0" molecule at mass of *Sc™ (Steele et al., 1981;
Weinbruch et al., 1993). We suspect that the offset of Sm
is due to an interference with '**Ba'?C, and **Ba'>C, since
the samples had carbon coating prior to SIMS analyses,
and is a carbonate-bearing experiment. Therefore, as we
used the same isotopes for most of the element analyzed
by LA-ICP-MS and SIMS, the offset of accuracy between
LA-ICP-MS and SIMS is due to instrumental characteris-
tics rather than the choice of mass peaks. This instrumental
difference is, as a first order, the total count achieved by
each technique, thus precision. The femtosecond LA-ICP-
MS provides equivalent to more precise measurements than
those of SIMS, due to its higher counting statistics. For in-
stance, because of the higher counts, the femtosecond LA-
ICP-MS is more suitable to measure U and Th in natural
glasses than the SIMS. For SIMS, Th and U in KL2-G
(1.0 and 0.55 ppm, respectively) give about 55 and 50
counts total, respectively. In contrast, for femtosecond
LA-ICP-MS, these counts on BCR-2G (Th=5.9 and
U=1.7ppm) give about 1000 and 2300 counts total,
respectively (total duration of analysis, approximately
2 min).

Despite these limitations, we presented all the SIMS
measurements in this study since the partition coefficients
by SIMS and LA-ICP-MS show a good agreement. The cal-

culation of the partition coefficient appears to cancel out
SIMS the molecular interferences that appear to be similar
are identical for minerals and liquid.

3.2. Experimental products

We have conducted more than 10 experiments between
10 and 25 GPa, only two experiments (#743 obtained at
20 GPa 1600 °C during 23 h 30 min and #787 obtained
at 25 GPa 1600 °C during 23 h) resulted in grain sizes
and textures, that are suitable for trace element analyses.
For sample #743, the experimental products consists of
approximately 30% of majoritic garnet, 40% of wadsleyite,
25% of quenched carbonatitic melt and few percents of
CaSiO; perovskite (CaPv) and periclase (Fig. 1a). Sample
#787, consists of approximately 5% of majoritic garnet,
10% of Ca-Pv, 15% of MgSiO; perovskite (MgPv), 50%
of ringwoodite, 10% of magnesite and 10% of quenched
carbonate melt (Fig. 1b). Phase proportions reported here
are calculated by mass-balance. Mineral assemblages of
our samples are consistent with those obtained in perido-
tite compositions between 15 and 30 GPa (e.g. Zhang and
Herzberg, 1994; Litasov and Ohtani, 2002). The nature of
garnet (majoritic content: 51% for 743 sample and 31% for
787 sample) and the olivine polymorphs (wadsleyite and
ringwoodite) were confirmed by Raman spectroscopy.
Sample texture is appropriate for trace element analysis
since grains are generally close to 50 pym in size (Fig. la
and d). The liquid phase forms a separated volume situ-
ated at the edge of the capsule. In sample #743, periclase
and CaPv are formed in proximity of melt. In sample
#787, magnesite crystals are located opposite in the charge
relative to the pooled melt. These textural observations
suggest that a temperature gradient promoted phase
segregation.

Major element compositions of each phase are presented
in Table 1. The liquidus saturation of mantle phases was at-
tained in both experiments. While the Mg-numbers (Mg/
(Fe+Mg) molar) of the phases in sample #743 are consis-
tent with those expected for mantle (e.g. wadsleyite = 0.92),
the Mg-numbers of MgPv and ringwoodite in sample #778
are richer in Fe (0.87 and 0.85, respectively) due to the pre-
cipitation of magnesite. The lack of compositional zoning
in crystals, indicates that a run duration of 23 h is sufficient
to reach local chemical equilibrium. However, the mass-bal-
ance calculations using major elements failed to converge.
Systematic excess or lack of oxides (CaO, MgO or Al,O3)
from 20% to 30% was determined depending on the combi-
nation of oxides and phases. As inferred from the observed
sample texture, the temperature gradient (<100 °C) is likely
to have caused some disequilibrium at the scale of the entire
sample. Nevertheless, CO, mass-balance succeeds with an
excess of less than 2%. This suggests that CO, was equili-
brated in the sample.

Trace element contents and corresponding partition
coefficients (D™™™ " wherein D™™™/™" is the concentration
of element i in the mineral divided by concentration of
the element 7 in the melt) for the phases in samples #743
(20 GPa, 1600 °C) and #787 (25 GPa, 1600 °C) are pre-
sented in Tables 2 and 3, respectively.
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We have compared the sum of initial trace element
masses with calculated sum based on the phase proportion
of the charges. Nearly all elements converge within 40%
deviation from the initial total. We admit that the recover-
ies of the calculated total trace element masses are poor, but
this should be considered as reasonable results considering
analytical uncertainty and poorly constrained mass-bal-
ance. The calculated total of all trace elements are in the
same order of excess from the initial value, except for La
in sample #743. Excess La could result from cell assembly
contamination, although we did not identify excess of Cr
or Zr.

Concentration differences between SIMS and LA-ICP-
MS have little influence on calculated partition coefficients,
in particular for rare earth element (REE) (Tables 2 and 3).
However for Sc, Ba, Th and U, derived partition coeffi-
cients are significantly different. Because of significant dif-
ference in SiO, concentrations between carbonatitic melt
and silicate minerals, it is possible that 298i1°0™ molecule
causes the disparity in Ds.. Nevertheless, even if this inter-
ference is corrected, the difference between ICP-MS values
and SIMS values remains. Although we are unable to con-
clude which Sc partition coefficient is correct, we have used
LA-ICP-MS Sc partition coefficients in the following dis-
cussion since they fit the elastic strain model better than
those obtained by SIMS. Due the high incompatibility of
Ba, the analyses in majoritic garnet were close to the detec-

tion limits of the LA-ICP-MS. The lower Dg, obtained with
the SIMS was chosen as the most representative. Because of
better counting statistics, we prefer Th and U data from the
LA-ICP-MS rather than SIMS. Our preferred partition
coefficient values are noted D preferred in Tables 2 and 3
and are used in the following discussion.

3.3. Majoritic garnet—melt partitioning

Light rare earth elements (LREE), middle rare earth ele-
ments (MREE) and Sr, Zr, Hf, Ta, U and Th are incompat-
ible in majoritic garnet whereas heavy rare earth elements
(HREE), Sc and Y are compatible. The only previous stud-
ies on trace element partitioning between garnet and car-
bonatite melt are those from Sweeney et al. (1992) and
Adam and Green (2001) which present partitioning data
at pressures lower than 3 GPa, and that of Hammouda
et al. (2008) at 7 GPa for Gd and Yb. There is a qualitative
agreement on the compatible and incompatible nature of
trace elements when we compare our data with data for
low-pressure garnet (Sweeney et al., 1992; Adam and
Green, 2001). A notable difference is that trace element par-
tition coefficients are globally higher at 20 GPa, except for
Zr, and HREE (Eu, Yb and Lu), which are less compatible
than at lower pressure. These differences are likely related
to variations of pressure and temperature conditions, and
garnet major element composition (Adam and Green,

Table 3
Trace element concentrations (in ppm) of run product #787 (25 GPa, 1600 °C)

Ca-Pv Melt pEa-Pv/Melt

LA-ICP-MS [2] SIMS [1] LA-ICP-MS [3] SIMS [1] LA-ICP-MS SIMS Preferred®
Sc 97(3) 156(3) 64(2) 101(4) 1.53(10) 1.54(9) 1.54(10)
Rb n.m. 211(15) n.m. 864(84) — 0.24(4) 0.24(4)
Sr 427(2) 269(7) 726(15) 902(10) 0.588(14) 0.30(1) 0.40(1)
Y 817(23) 1099(27) 12.8(3) 19(1) 64(6) 58(4) 60(6)
Zr 831(30) 1010(30) 199(11) 246(17) 4.18(37) 4.11(41) 4.15(41)
Nb 254(11) 121(6) 561(38) 1092(26) 0.45(5) 0.111(8) 0.12(5) .
Ba 658(24) 81(6) 1854(30) 2545(33) 0.35(2) 0.032(3) 0.032(3)
LcP 677(10) 830(14) 104(3) 132(2) 6.5(3) 6.3(2) 6.4(3)
Ce 896(7) 1018(15) 21.1(3) 21.5(6) 42.5(9) 47.4(20) 43.4(20)
Nd n.m. 1191(21) n.m. 22.1(7) — 54(3) 54(3)
Sm 788(9) 1075(40) 11.2(2) 14.9(7) 70.4(18) 72(6) 71(6)
Eu 800(9) 1254(23) 10.9(2) 19.7(4) 73.5(18) 64(3) 70(18)
Gd 759(20) 1076(33) 10.3(3) 12.7(5) 73.6(41) 85(6) 77(6)
Tb n.m. 1030(13) n.m. 10.7(2) — 96(4) 96(4)
Dy n.m. 1143(29) n.m. 12.5(5) — 91(6) 91(6)
Ho 750(21) 1024(16) 10.7(3) 11.6(2) 69.9(41) 89(3) 81(3)
Er 761(25) 1013(22) 12.7(3) 13.5(4) 59.8(33) 75(5) 67(6)
Yb 734(17) 986(36) 18.8(5) 19.2(8) 39.1(19) 51(4) 41(4)
Lu 750(25) 945(16) 24.1(9) 22.3(3) 31.1(21) 42(1) 39(2)
Hf 373(10) 501(28) 226(4) 154(2) 1.65(7) 3.3(2) 1.8(2)
Ta 223(8) n.m. 467(4) n.m. 0.48(2) — 0.48(2)
Th 1209(40) 1460(43) 11.4(4) 8.2(10) 106(8) 178(26) 112(26)
U 1036(48) 917(29) 7.3(4) 3.5(2) 141(14) 261(26) 168(26)

Number in parentheses represents two standards deviations in terms of least units cited. n.m.: not measured.
# Numbers in square brackets are numbers of LA-ICP-MS and SIMS analyse.
® La concentration in melt and mass-balance are suspect (see text). La contents are presented because they are consistent with other data (see

below).

¢ Preferred D are weighted mean calculated from D determined by LA-ICP-MS and SIMS, except for * notation, D are chosen for reasons

justified in the text.
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2001; van Westrenen et al., 2001a; e.g. Draper et al., 2003;
Draper and van Westrenen, 2007; van Westrenen and Dra-
per, 2007).

Fig. 3a compares our D-values with those for majoritic
garnet-silicate melt, from this study with Ds obtained at
23-25 GPa, 2300 °C in CO,-free mantle compositions (Cor-
gne and Wood, 2004; Walter et al., 2004). Even though par-
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titioning patterns look globally alike, differences in
partitioning values between the two systems are significant.
Sc and Y are more compatible in the carbonate system,
while HREE, which are moderately incompatible in the
CO,-free silicate systems, are compatible in the carbonate
system. Tetravalent HFSE (Zr, Hf) and MREE are less
incompatible in the carbonate system with Dy is approach-

a 1o T T T T 1 T T T T T T T T 1 L
-\ Majorite ]
10°L e _ .
; \\\ /E\\\ . /"/' T:'T’ \\\\\i ;
10" | ) P ""T—'-'Y// ’ . E
% ; \ B /‘/ // \\\\§ P /;/f \\ ™ ;
2 10° | ) ‘\\ \\\,’I\y’ , 1
10° L T ¥ —O— This Study (#743) 20 GPa - 1600°C _
- -¢-- Corgne and Wood (2004)25 G Pa - 2300°C| 3
3 - -¥--Walter et al (2004) 23 GPa - 2300°C ]
10* | | | | | | I I I I I I I I I I I
Sc RbSr Y Zr Nb Ba La Ce Sm Eu Gd Ho Er Yb Lu Hf Th U
b T 1 T T T T T T T T T T T 3
102 CaSiO; perovskite i
E | E
. 10'F
f ool 1 ]
s E 3
(m] F ]
107 T 3
SF —— 20 GPa - 1600°C (#743) | ]
107 —0O— 25 GPa - 1600°C (#787) |3
10 L1 ! ! L1 ! ! L1 l l l [ [ l L
Sc RbSr Y Zr Nb Ba La Ce Sm Eu Gd Ho Er Yb Lu Hf Th U
C 102F T T T T T T T T T T T T T T T T T T T 3
- CaSiO; perovskite ]
102 E
20y
é’ L ]
00 f E
10" E —0O— This study (#787) -1600°C |3
F 25 GPa - -A-- Corgne et al. (2005) - 2300°C | 1
10° T T T T T R RO Ny W
Sc Rb Sr Y Zr Nb Ba La Ce Sm Eu Gd Ho Er Yb Lu Hf Th U

Fig. 3. Crystal-melt partitioning values for (a) Majorite garnet in comparison with Walter et al. (2004) and Corgne and Wood (2004)
experimental data on majorite garnet-silicate melt partitioning at 23 and 25 GPa, respectively; (b) CaSiO; perovskite at 20 and 25 GPa. (c)
Comparison of CaPv partitioning obtained in this study with Corgne et al. (2005) experimental data on CaSiO; perovskite at 25 GPa. Note
that for REE DMineral/Carbonatitic melt 10 5 ¢ 10 times higher than DMineral/Silicate melt e perature and melt composition appear to be the
major factor controlling trace element partitioning. Elements are ordered with increasing atomic number.
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ing 1.0. On the other hand, highly incompatible elements
such as Sr, Nb, and La are more incompatible in the car-
bonate system. As shown in Fig. 3a, trace element patterns
are more fractionated between majoritic garnet and carbon-
atitic melt than between majoritic garnet and silicate melt.

3.4. CaSiO; perovskite-melt partitioning

In agreement with the literature data, we found that
REE, Y, Zr, Th and U are clearly compatible and Rb, Sr,
Nb and Ba are incompatible, in CaPv at 20 and 25 GPa.
Fig. 3b shows that the two patterns are similar, except for
the most incompatible elements Rb, Nb and Ba. Rb and
Ba are more incompatible at lower pressure while Nb is
more compatible. Globally, Fig. 3b shows that between
20 and 25 GPa pressure has a minor effect on CaPv-melt
partitioning of trace element. This result is consistent with
the results from Corgne et al. (2005) who found that the
combined effects of P and T between 20 GPa-2100 °C and
25 GPa-2300 °C are insignificant (their Fig. 2b).

Fig. 3c compares D-values from this study at 25 GPa
with D-values obtained in a CO,-free peridotite composi-
tion (25 GPa, 2300 °C; Corgne et al., 2005). Both CaPv
were synthesized at the same pressure (25 GPa), therefore
we can isolate the effects of temperature and composition
on trace element partitioning. Although patterns are alike,
notable differences are observed between the CO,-bearing
and CO,-free systems. First Zr, Y, REE and Th and U
are more compatible in CaPv in our 25 GPa experiment,
and Sr and Ba are more incompatible. As previously noted
for majoritic garnet, trace elements are more fractionated in
carbonate systems than in CO,-free silicate systems. The
difference in D-values between both studies can be attrib-
uted to different temperature conditions (700 °C of differ-
ence between Corgne et al. (2005), and our study) and to
differences in major element compositions: either crystal
or melt major element composition. We note that there ex-
ist differences of major element compositions of majoritic
garnet and of CaPv between our study and studies con-
ducted in CO,-free silicate systems (Corgne and Wood,
2004; Walter et al., 2004; Corgne et al., 2005). The majorite
in the present study is less magnesian and three times more
calcic than the majorite in CO,-free silicate systems (Corgne
and Wood, 2004; Walter et al., 2004). Similarly for CaPv at
the same pressure of 25 GPa: CaPv in the CO,-bearing sys-
tem has less than 0.1% of MgO while in the CO,-free sili-
cate system CaPv is less calcic and contains more than
3% MgO.

3.5. Lattice strain models and their relations to crystal
chemistry

3.5.1. Regression of D to the lattice strain model

Elemental partitioning between solid and liquid is partly
controlled by crystal chemistry (e.g. Blundy and Wood,
1994, see also review by Blundy and Wood, 2003). Elements
are incorporated in different crystal sites according to their
ionic radius and charge. Each site is characterized by the
parameters of the lattice strain model (Brice, 1975; Blundy
and Wood, 1994). According to this model, for an isova-

lent-ion series of valence n+ and of radius r;, which enters
into a given crystal lattice site M, the partition coefficient
(D;) is described by three parameters: r&*M), the ideal crystal
site radius; £}, the elastic response of the site to the elastic
strain caused by larger or smaller r; than r&*M); and DSTM),
the fictive strainless partition coefficient for a cation of ra-

dius ’ﬁ0(+M)
n n n 2 n 3
—4nN 4 E [%FO(J:\/[)("I' - ”0(+M)) +%(”i - ’JOZ;V[))
X exXp

RT

where N, is the Avogadro number, R is the gas constant
and T is the temperature in K. Earlier studies focussed
on low-pressure equilibria (see review by Blundy and
Wood, 2003). However, this model is also applicable to
high-pressure minerals like majoritic garnet and silicate
perovskite (Corgne and Wood, 2002, 2004; Corgne
et al., 2005).

Most majoritic garnets have a cubic symmetry (some
have a tetragonal symmetry, Nakatsuka et al., 1999) with
the general structural formula X3Y,Z30;,, where X-, Y-
and Z-positions are dodecahedral, octahedral and tetrahe-
dral cation sites, respectively (Heinemann et al., 1997).
The presence of Si in both Y- and Z-sites is characteristic
of a majorite component in the garnet. Accordingly, the
increasing majorite component in garnet is characterized
by: (1) increased Si (the Si excess, compared to pyrope gar-
net, is located in the Y-site), (2) presence of Fe and Mg in
the Y-site, and lower Al. These variations are expressed
by the substitution YISi*'t+ Y[Ca + Mg+ Fe]=2VTAI*"
(Draper et al., 2003). Here, we utilized a model wherein
only Mg substitutes in the Y-site. Calcium and trivalent
trace elements are assigned to the garnet X-site. CaSiO;
perovskites has a cubic structure at lower mantle conditions
(Kurashina et al., 2004; Ono et al., 2004) and contains two
cation sites, an octahedral Si-site (6-fold coordination) and
a dodecahedral Ca-site (12-fold coordination).

Because all trace elements investigated in this study have
cation radii greater than ry,, they were allocated to the X-
site of majoritic garnet and to the dodecahedral site of sil-
icate perovskite. In principle, S¢**, Zr*" and Hf*" could en-
ter in the X-site or Y-site of majoritic garnet and the
dodecahedral or octahedral site of CaSiO; perovskites
(Corgne and Wood, 2004; Corgne et al., 2005). As we suc-
ceed to fit these cation partition coefficients with partition
coeflicients of other isovalent cations on single lattice strain
parabolas, we conclude that Sc**, Zr*" and Hf*" are pre-
dominantly substituted in the X-site in majoritic garnet
and in the dodecahedral site in CaSiO5 perovskites.

Fig. 4 shows that our data are accurately modeled using
the lattice strain theory for most elements. This observation
underlines the crystal structure contribution to majoritic
garnet—carbonatitic melt partitioning and to CaSiO; perov-
skite—carbonatitic melt partitioning. Best-fit parameters of
the lattice strain model ry, Dy and E are presented in Table
4, for divalent, trivalent and tetravalent cations, in 8-fold
coordination for majorite and 12-fold coordination for Ca-
SiO3 perovskites.
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Fig. 4. Lattice strain models (Brice, 1975; Blundy and Wood, 1994)
applied to crystal-carbonatite melt partition coefficients for (a)
Majorite from run #743 and (b) CaSiO; perovskite from run #787.
Note that, E increases with the increasing charge (width of
parabolae). The position of the parabolae indicates that ry
decreases with the increasing charge. Fit parameters obtained are
listed in Table 4. Ionic radii are from taken Shannon (1976) and
ionic radii for elements in 12-fold coordination have been linearly
extrapolated with respect to coordination number. Despite the fact
that Ca and Mg are not expected to behave like trace elements
following Henri’s law, 2+ cations lattice strain models are
determined with Ca and Mg partition coefficient following Blundy
and Wood (1994).

Measured Dg, values, for both majorite and calcium sil-
icate perovskites, are orders of magnitude too high to fit the
divalent parabola. Consequently, Dy, was excluded from
the calculation for 2+ cations. Walter et al. (2004) previ-
ously noted that Dy, is too large relative to lattice strain
models in several minerals. Given that Ba®>" has the same
ionic radius as O*~, a substitution, Ba?" < O*™ + Si**,
may occur in silicate minerals (e.g. Walter et al., 2004). This
substitution would increase the compatibility of Ba in maj-
oritic garnet and in CaSiOj3 perovskite.

3.5.2. Comparisons with predictive models of van Westrenen

and Draper (2007) and Draper and van Westrenen (2007)
We compared our experimental data and measured

parameters ry, Dy and for 3+ cations in the X-site of garnet
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Fig. 5. The results of lattice strain modelling of partitioning of
trivalent cations between the X-site of majorite garnet and
carbonatite melt the experimental data of this study compared to
the predictive garnet models from van Westrenen and Draper
(2007) and Draper and van Westrenen (2007). The upper boundary
is calculated using the thermodynamical prediction (van Westrenen
and Draper, 2007) and the lower one is calculated employing the
statistical prediction (Draper and van Westrenen, 2007). The
parameters determined from the prediction models are presented in
Table 4.

with those calculated by the predictive model of Draper and
van Westrenen (2007) and van Westrenen and Draper
(2007), in Fig. 5 and Table 4. The value of E was success-
fully predicted using the model of van Westrenen and Dra-
per (2007). The predicted ry is significantly lower than the ry
modeled from our data, but within the reported uncertainty
of 0.017 A (15, van Westrenen and Draper, 2007). The dif-
ference can be explained by the fact that van Westrenen and
Draper (2007) did not use majoritic components in their
equation for ro. We suggest that excess of Si entering in
the garnet Y-site exerts an effect on ry of the X-site. We
modeled D, with the statistical and the thermodynamic
expression (Draper and van Westrenen, 2007; van Westre-
nen and Draper, 2007, respectively). Statistical prediction
of Dy appears to be closer to experimental value. The ther-
modynamic Dy is especially affected by the Fe partition
coefficient because it varies with melt composition and
structure. Therefore, the thermodynamic Dy is less likely
to be applicable to carbonatitic melt system than the statis-
tical Dy. Furthermore, activity model for REE species in
van Westrenen and Draper’s (2007) model assumes that dis-
solved species of REE in the melt conform with garnet stoi-
chiometry. This assumption is highly unlikely in the case of
carbonatitic melts, where the structure is dominated by car-
bonate anions (Treinman, 1989; Genge et al., 1994).

3.5.3. Majoritic garnet: comparison of carbonate and CO5-
free silicate systems

Comparison between lattice strain model fits for 2+, 3+
and 4+ cations for majoritic garnet in CO,-free silicate sys-
tems (Corgne and Wood, 2004; noted with “silic” super-
script hereafter) and in carbonate systems (noted with
“carb” superscript hereafter) are presented in Fig. 6a. We
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Table 4
Best-fit parameters for lattice strain model
Run Charge E (GPa) To (A) Dy
#743 Majorite garnet
2+ 215(2) 0.940(1) 1.46(3)
3+ 522(3) 0.910(6) 6.9(13)
4+ 416(120) 0.80(26) 0.924(1)
#743 CaSiOj; perovskite
2+ 529(1) 1.355(4) 1.5(4)
3+ 585(0.7) 1.260(1) 41(4)
4+ 994(448) 1.18(50) 105(2)
#787 2+ 900(5) 1.360(8) 3.6(61)
3+ 729(3) 1.260(5) 82(30)
4+ 1510(72) 1.175(5) 156(8)
Majorite parameters from Corgne and Wood (2004)
2+ 261 0.987 1.62
3+ 521(24) 0.908(3) 1.14(4)
4+ 522(327) 0.856(35) 0.15(3)
Recalculated CaPv parameters (25 GPa) with 12-fold coordination from Corgne et al.
(2005)
2+ 258 1.35 5(1)
3+ 373(2) 1.270(7) 21(1)
4+ 459(42) 1.18(10) 11(1)
Predicted parameters for majorite garnet from #743
Model (20 GPa and 1600 °C) 3+ 524 0.869 135.296"
4.405

Number in parentheses represents one standard deviation in terms of least units cited.
Fitting was made for 2+ cations: Mg, Ca, Sr; for 3+ cations: Sc and REE; for 4+ cations: Hf, Zr and U (and Th for CaPv of #787).

# Thermodynamical prediction, van Westrenen and Draper (2007).

b Statistical prediction, Draper and van Westrenen (2007).

found that E*" and r, for 4+ cations in the carbonate sys-
tem are significantly lower than in the CO,-free silicate sys-
tems while Dy is higher (Table 4, Corgne and Wood, 2004).
The ry>" does not vary significantly between the two sys-
tems, but E>* and D,*" are higher in the carbonated system
(Fig. 6a). Concerning 2+ cations, ry is higher in the carbon-
ated system while E and notably, Dy for divalent cations are
essentially the same in the two systems. We find: “™Pry** <
silicr04+’ carbr03+ ~ silicr03+ and carbr02+ < silicr02+; carbE-4+ <
sili(:E4+7 carbE3+ ~ silicE3+ and and
CjafbD04+ > snlchO4+’ carbDO3+ > 51lch03+ and carbDOZ+ <
stiep,>*. As previously highlighted (e.g. van Westrenen
et al.,, 2000; Corgne and Wood, 2004; Corgne et al.,
2005), we found that ry decreases with increasing charge
(Table 4). We expected BT < BT < B (Blundy and
Wood, 1994, theoretically predicted that E°" =1.5 E**
and E*" =2 EH). However, in our lattice strain models,
E does not vary linearly with charge because our E*T is
too low. We should mention that the uncertainty on E**
is relatively large due to the large uncertainty on Dy.
According to van Westrenen and Draper (2007), ro, E
and Dy depend on pressure, temperature and composition.
The ry decreases with pressure and increases with temper-
ature, while £ and D, increase with pressure and decrease
with temperature. Our majorite experiment is conducted
at 5 GPa lower and 700 °C lower temperature than that
of Corgne and Wood (2004). If the pressure is the domi-
nant factor, the resulting relationship should be ®r,>
silicro’ carbE< silicE and carbDO < silicDO. On the contrary,

carbE2+ < silicE2+,
B

if the temperature is the dominant factor, it should be
carbro < silicro, carbE > silicE and <:arbD0 > Si“CDg. Table 4
shows that 2+ and 4+ data are consistent with tempera-
ture influence, whereas 3+ are “Pry~ S and “™E ~
slicg Furthermore, Blundy and Dalton (2000) show for
clinopyroxene-melt partitioning at 3 GPa and between
1375 and 1640 °C that ry and E values for the silicate sys-
tem, at the same pressure and temperature conditions, are
significantly different from those of carbonate system.

CaO content of majoritic garnet should have an influence
on roand E. Since Ca®" is the major cation in the X-site, ry is
expected to increase with Ca content (van Westrenen et al.,
2001b). Comparing the major element composition of
majoritic garnets, we note that our garnet has a Ca content
3 times higher than majoritic garnet in silicate system.
Nevertheless, our current data cannot independently quan-
tify the influence of CaO content on element partitioning
excluding the pressure and temperature effect. Furthermore,
van Westrenen and Draper (2007) predict that an increase in
Ca garnet content should lower Dy, while all of our D,
values are higher than those of Corgne and Wood (2004).
We consider that our lower run temperature, which causes
the increase of Dy (van Westrenen and Draper, 2007), com-
pensates the increase of Ca influence in garnet. To conclude,
temperature has a major influence on the differences in
lattice strain parameters between Corgne and Wood’s
(2004) study and our study, but is not sufficient to explain
the r°>" and E*" data. We suggest that high Ca content of
our garnet might also have an effect on ry and E.
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Fig. 6. Lattice strain model fits obtained for this study (solid black
lines), compared with those obtained for the same minerals in
silicate systems (solid gray lines, Corgne and Wood (2004) and
Corgne et al. (2005) experimental data fits). Note that for all D-
values of majorite garnet (3+, 4+) and CaPv (3, 4+), carbonatitic
system reveal higher D-values than silicate system, except for the
larger ionic radii.

Lastly, we note that on top of these interpretations, the
structure of the liquid can play a significant role in deter-
mining the value of D,. According to Wood and Blundy
(2001), the electrostatic work involved in the substitution
(AGuee = W™ — Wyee where AGy. is the free energy of
substitution, Wy, refers to the electrostatic work done by
either the crystal or the liquid in placing an ion in the crys-
tal and in the liquid) varies according to the square of the
charge difference between the tracer and the main site atom
w= W where N, is the Avogadro’s number,
Z.— Zy is the effective radius of the defect of charge, ¢ is
the charge of the electron, ¢ is the dielectric constant, r is
the substituted ion radius). Furthermore, it concludes that
the melt contribution to the electrostatic work is small com-
pared to that of the crystal, because of the high disorder
state of the melt and the presence of charge balancing cat-
ions. Because larger charge difference requires more electro-
static work for the substitution, the following relationship is
generally inferred: Dy>" > Dy>" > Dy*". We, however,
found that D>t > Dy*" > Dy*t, while the majorite—CO,-

free silicate melt system resulted in Dy>" > Dy>™ > Dy*™.
This suggests that there are non negligible electrostatic ef-
fects in the melt. Carbonatitic melts are based on (CO3)>~
anions with no tendency for polymerization (Treinman,
1989) and highly charged cation are not favored within
such environment. Consequently, Dy*>" is greater than of
D> while Dy*" approaches Dy>t (Fig. 6a). As another
example, some clinopyroxene—carbonatite partitioning
experiments (Blundy and Dalton, 2000) show
Dy*" > Dy?t, while the clinopyroxene-silicate melt experi-
ments result in Dy>" > Dy>" (Wood and Blundy, 2001).
However, at lower pressure, the order of Dy always follows
Dy*"™>Dy*" for the garnet-silicate melt system (see Draper
and van Westrenen, 2007, for the data source). We propose
here that the anomalous order of Dy on partitioning in the
majorite—carbonatite system is best explained by the influ-
ence of the melt structure above 20 GPa; however we can-
not offer an explanation for the ubiquitous Do** > D>t
relationship for the low-pressure garnet-silicate melt
system.

3.5.4. CaSiOj; perovskite: comparison of carbonate and CO>-
free silicate systems

We found that ry decreases and D, increases with
increasing charge. Comparing our data at 20 and 25 GPa,
we found that there is no variation of r, with pressure, in
contrast to E, which increases with increasing pressure.
D> and Dy*" are increased by a factor of 2 and Do is
increased by ~30% when pressure is raised from 20 to
25 GPa. Theses variations could be due to a pressure effect
or a variation of composition of the CaPv between 20 and
25 GPa. Available data do not allow discriminating be-
tween the two possibilities. Furthermore, we noted that
CaPv at 20 GPa contains 10.5 wt% of trace elements,
implying that Henry’s law is surely violated. Corgne and
Wood (2005) for example show that DGFY/COx—freemelt po.
duces for high Th abundance in CaPv.

Fig. 6b shows a comparison between the CaPv data in
the carbonated system (this study) and those of Corgne
et al. (2005) in CO,-free silicate systems. Note that Corgne
et al. (2005) used r; for an 8-fold coordinated site, and here
we recalculated their model fits with r; values for 12-fold
coordinated site by using to a linear extrapolation of rela-
tion between coordination and ionic radii values tabulated
by Shannon (1976). We note that values of ry are similar in
the two systems. E values are higher in the carbonate sys-
tem than in CO,-free silicate systems, which is most likely
due to higher temperature in the study of Corgne et al.
(2005). We infer that the temperature affects similarly on
CaPv E parameter as in the case of majoritic garnet. As
temperature increases, the X-site expands, thus E (or the
Young modulus of the crystal) decreases. In both cases, r,
decreases with ionic charge increase whereas E increases,
in agreement with lattice strain modeling (e.g. Wood and
Blundy, 1997). A major feature of Fig. 6b is that values
of D, are markedly higher in a carbonate system than in
CO»-free silicate systems. In a manner similar to the major-
ite case, the difference in D, values can be addressed in
terms of temperature and melt structure. We previously
concluded that temperature increases D, values, but some
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melt influence is noteworthy. We note that ®Dy>" ~ silic
D02+, whereas carbD03+ ~ silic DO3+ and
Do*". We found also that Dy*t > D" > Dy*". Both studies
conform that Dy-values for 3+ and 4+ are higher than
Dy*". Although substitution mechanisms in perovskite ap-
pear to be rather complex and might involve Ca vacancies
(Corgne and Wood, 2005) we cannot exclude that the
change in the relative order of the parabolas in Fig. 6b
can be attributed to an effect of the melt structure. On the
basis of the electrostatic argument discussed above for maj-
oritic garnet, we also suggest that, for perovskite-carbonate
liquid partitioning, the melt structure has a measurable
influence.

carbD04+ > silic

3.6. Implications for high-pressure carbonatitic melt
metasomatism

Our liquidus saturation experiment suggests that a dolo-
mite-bearing pyrolite composition can achieve an equilib-
rium between carbonatitic melt and transition zone
mantle along the geotherm (our run condition 20 GPa,
1600 °C; also extrapolation from Dalton and Presnall,
1998). Furthermore, an experimental study showed that
Na-rich pyroxene-enstatite inclusions in diamonds (Wang
and Sueno, 1996) originate from lower mantle and/or tran-
sition zone conditions, and that the result from mantle
metasomatism by a Na-rich carbonate melts (Gasparik
and Hutchison, 2000). Carbonatitic melt cannot only be
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generated at transition zone conditions but also at condi-
tions of the uppermost lower mantle (1600 °C, Gasparik
and Litvin, 2002). A recent experimental and geochemical
study on silicate mineral inclusions in diamond suggests
the presence of carbonatitic melt at transition zone depths
(Walter et al., 2008). Note however, that extrapolation of
the melting phase diagram of carbonate-bearing peridotite
from Dasgupta and Hirschmann (2006) suggests that car-
bonated peridotite melting never occurs along the geotherm
at transition zone depths. This offset of carbonated perido-
tite melting between Dasgupta and Hirschmann (2006) and
the present study can potentially be explained by the pres-
ence of 1500 ppm of H,O in our samples. That could have
lowered the carbonated peridotite solidus. We admit that
there is considerable uncertainty whether cabonatitic melt
can coexist with transition zone mantle. In following dis-
cussion, based on the reasons listed above, we consider
the case where carbonatitic melt exists at transition zone
depths.

It was previously suggested that magnesiocarbona-
tites, the most primary carbonatites are generated at
pressures higher than 3 GPa (Bailey, 1989; Dalton and
Presnall, 1998). However, carbonatite maximum source
depth is still undetermined and our experimental data
can provide additional constrains. While carbon-bearing,
occasionally diamond-forming, fluid likely exists at tran-
sition zone depths, the investigations of carbonatite gen-
eration using major element composition are often hindered
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Fig. 7. Chondrite-normalised trace elements concentrations in natural magnesio- and calciocarbonatite compositions (data from von Maravic
and Morteani, 1980; Gerlach et al., 1988; Nelson et al., 1988; Hornig-Kjarsgaard, 1998; Schultz et al., 2004) are shown as a grey area. Filled
diamonds represent Kankan majorite inclusions in diamonds (Stachel et al., 2000). (a) REE patterns (b) patterns including other trace
elements. Concentrations are normalized to Cl chondrite (McDonough and Sun, 1995). The bold lines represent the hypothetical melt
compositions in equilibrium at 20 GPa with majoritic garnet composition (Stachel et al., 2000; majoritic garnets equilibrated at 13 GPa) with
partition coefficients determined experimentally in this study. Dng, Dty and Dpy have been calculated from our lattice strain modeling to limit
the influence of analytical uncertainty on these data (Dng = 0.04, D,=1.05 and Dp, = 1.08). Note that the REE concentration of the
carbonatitic melt in equilibrium at 20 GPa is in agreement with the high HREE concentration of the carbonatites. We stress that this deep
carbonatitic melt also has the same relative element depletion and enrichment as carbonatites, except for Ba.
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by crystallization and decarbonation reactions (e.g. Dalton
and Presnall, 1998).

In contrast, trace element compositions are less prone to
such limitation. Combining our partition coefficients for
majorite—carbonatitic melt (run #743) with trace element
compositions from majoritic garnets in inclusions in Kan-
kan diamonds (Guinea, Stachel et al., 2000), we can esti-
mate the trace element compositions of the carbonatitic
melt that was potentially in equilibrium at 20 GPa and
1600 °C. Comparison with a range of REE patterns from
natural carbonatites (von Maravic and Morteani, 1980;
Gerlach et al., 1988; Nelson et al., 1988; Hornig-Kjarsg-
aard, 1998; Schultz et al., 2004) reveals that the transition
zone carbonatitic melt REE pattern falls within the natural
carbonatite field (Fig. 7a). Furthermore, the geochemical
signature of deep carbonatitic melt is consistent with the
flat HREE pattern of carbonatites. The geochemical signa-
ture of carbonatites is usually characterized by a depletion
in Rb, Zr and Hf, and high Zr/Hf ratio (Hauri et al., 1993;
Hoernle et al., 2002), and the Zr/Hf ratio of the deep car-
bonatitic melt is consistent with the carbonatites. However
the model deep carbonatitic melt fails to reproduce the sim-
ilar extent of the observed Ba enrichment relative to Rb
(Fig. 7b). Perhaps, the appropriate value for D®* is much
smaller than the one we have determined here. Alterna-
tively, assuming that carbonatites are derived from deep
carbonatitic metasomatism, some disparity of carbonatite
geochemical signature (including for Ba) may be due to
lower pressure reactions during the ascent of carbonatitic
melt.

We have compared the trace element abundance of ob-
served carbonatites at the surface and a carbonatitic melt
equilibrated at 20 GPa. According to this model, carbonat-
itic melts must ascent to the surface, and preserve their
trace element signature acquired at depth. Carbonatitic
melts should interact with the surrounding mantle during
ascent, but due to the highly enriched trace element abun-
dance in carbonatitic melt, it is possible that the trace ele-
ment signature is little affected by the interaction with
olivine dominated mantle. The physical properties of car-
bonatitic melts may also reduce the potential interaction be-
tween melt and mantle. They have a low viscosity and
density (Treinman, 1989; Genge et al., 1995; Dobson
et al.,, 1996). They also form an interconnected network
due to low wetting angle (Hunter and McKenzies, 1989;
Watson, 1991), if there is no mixing with silicate melt
(Minarik and Watson, 1995). They can quickly impregnate
mantle rocks on a large scale by interfacial-driven infiltra-
tion (Hammouda and Laporte, 2000). Consequently, the
residence time of carbonatitic melt in the mantle may be
too short to result in a significant chemical exchange.

4. CONCLUSION

Here we report trace element partition coefficients mea-
sured between majoritic garnet and carbonatitic melt and
between CaSiO; perovskite and carbonatitic melt. Trace
element partition coefficients are more fractionated in car-
bonate system than in CO,-free silicate systems, although
similar patterns are obtained. Ba, Sr and LREE are more

incompatible in carbonate systems while Sc, Y, HFSE, Zr
and Hf, MREE and HREE are more compatible. Lattice
strain models indicate that the difference of trace element
partitioning between CO,-free silicate melt and carbonatitic
systems can mostly be attributed to different temperature
conditions of respective experiments. Additionally, there
are some potential influences by mineral and melt
compositions.

Using partition coefficients determined in this study, we
found that a carbonatitic melt potentially in equilibrium
with majoritic garnet inclusions in diamonds has a geo-
chemical signature similar to that of some natural carbon-
atite lavas. This suggests that carbonatitic metasomatism
can exist in the transition zone.
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